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We show using numerical model experiments that upper crustal faults can impose ductile localization in the
mid and lower crust over the seismic cycle, with strain-rates and integrated creep strain enhanced by a factor of
10, or a factor of 100 if lower crust is also thermally weakened. Imposed ductile localization is caused by the
transfer in stress from the lower tip of the frictional fault to the mid-crust. Within the weak ductile mid-lower
crust, this stress transfer also promotes signiﬁcantly enhanced creep rates in a lobe that extends down-dip from
the lower end of the fault. Comparison of model results with the Alpine Fault of New Zealand, shows how
the interaction of faulting with other localization mechanisms can account for key aspects of the geodetic strain
accumulating across the Alpine Fault. Localization of ductile strain in the lower crust imposed by faulting in the
upper crust could explain the extension of major faults into the lower crust observed in seismic imaging.
Key words: Strain, localization, model, crust, rheology, fault, Alpine Fault, stress.
1. Introduction
While deformation in the upper crust is obviously fo-
cused along brittle faults, the degree and principal causes of
localization in lower crust are still debated. Strain analysis
in mylonites exhumed from mid and lower crustal depths
indicates signiﬁcant localization (e.g., Norris and Cooper,
2003) and major faults such as the Alpine Fault of New
Zealand can be traced to the lower crust using geophysical
observations (Davey et al., 1995; Stern et al., 2001). How-
ever, in general it has not been possible to establish how
much of the plate boundary motion is accommodated along
ductile shear zones in the lower crust. A related question
is whether ductile shear zones are “active” in the sense that
they load stress onto overlying faults during the interseis-
mic period, or whether these shear zones passively relieve
stresses transferred from faults.
Montesi and Zuber (2002) consider which processes
can lead to localization in ductile lower crust, and cate-
gorise them into those inherited from previous deforma-
tion phases, those that are imposed (forced) by external
processes such as erosion and faulting, and dynamic lo-
calization resulting from the inherent localization proper-
ties of the material under applied stress (e.g., see summary
in Regenauer-Lieb and Yuen, 2003). Here, we suggest
that imposed localization can in certain cases account for
a large proportion of the strain observed in exhumed my-
lonite zones. In particular, we explore the transfer of stress
from a weak frictional fault to ductile ﬂow using numeri-
cal model experiments. These experiments demonstrate that
stress perturbations associated with the lower termination of
fault slip can cause signiﬁcant localization in ductile mid-
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lower crust.
2. Numerical Model Experiments
2.1 Model 1: Lower crust with uniform geothermal
gradient
The numerical ﬁnite element analysis is conducted us-
ing the Abaqus software (Hibbitt et al., 2001). We con-
sider an initially homogeneous crustal layer, 30 km thick,
with a frictional weakness (fault) dipping at 45◦ (Fig. 1(a)).
The geometry roughly coincides with the present-day ge-
ometry of the Alpine Fault of New Zealand (Norris and
Cooper, 2003), although we only model the normal compo-
nent of motion along it. The fault is represented by a con-
tact surface with a speciﬁed angle of friction, weaker than
surrounding crust, which deforms by a combination of lin-
ear elasticity, Coulomb frictional plasticity, and thermally-
activated power-law creep. The transition from frictional
to ductile behaviour is determined naturally by the model,
according to the applied geothermal gradient, ambient pres-
sure and strain-rates, and assumed creep parameter values
for wet quartz (Paterson and Luan, 1990). For simplicity,
we assume hydrostatic ﬂuid pressure throughout the model
run, although we acknowledge that ﬂuid pressure variations
may play an important role in the seismic cycle (e.g., Miller
et al., 1999; Hobbs et al., 2004).
The maximum Coulomb shear stress τy along any opti-
mally oriented plane is computed for an internal angle of
friction φ = 30◦ (i.e. approximately Byerlee’s law condi-
tions) and a cohesion C = 1 MPa. The effective mean
stress p′ = p − p f , where p is total (mean) stress and p f
is the ﬂuid pressure, is used in the equation:
τy = p′ sin(φ) + C cos(φ) (1)
where maximum shear stress τy is half of the maximum dif-
ferential stress, τy = (1/2)(σ1 −σ3) and the indices 1 and 3
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Fig. 1. (a) Two-dimensional numerical model setup for model 1. Details of rheology are given in the text. Dashed line represents brittle-ductile
transition. A uniform horizontal shortening rate of 1 cm yr−1 is applied to the right-hand boundary of the model. Deformation of underlying layers
is represented by distributed shortening on the lower boundary. Pore pressure and temperature increase linearly with depth. (b) Color contours of
differential stress for the whole model domain at the end of the setup phase (300 m convergence). (c) Log contour of second invariant of deviatoric
strain-rate immediately after the fault step, where the friction coefﬁcient along the fault was dropped to 0.1.(d) Integrated creep strain for 8 complete
seismic cycles corresponding to 4000 years. (e) Slip along fault plane during the fault step. (f) Change in differential stress along the fault plane
during the fault step. (g) Change in differential stress along the fault plane during the interseismic step.
refer to maximum and minimum principal stresses, respec-
tively (e.g., Mandl, 1988). No strain-softening as a result of
fault damage is applied in the model rocks surrounding the
fault tip. Power-law ductile creep follows the constitutive
equation:
τv = Bε˙1/n exp (Q/nRT ) (2)
where τv and ε˙ are the second invariants of the deviatoric
stress and strain-rate tensors, respectively, Q is activation
energy, n is the power-law exponent, R the universal gas
constant, and T is temperature (K). (Individual deviatoric
strain-rate tensor components are related to equivalent devi-
atoric stress tensor components using the effective viscosity
derived from (2)). B is related to the pre-exponential con-
stant, A, by:
B = (3−(n+1)/2n21−n/n) A −1n (3)
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The geometric factor in brackets is necessary for conversion
from uniaxial creep laboratory data. A is determined (as
are Q and n) from laboratory creep experiments on wet
synthetic quartzite (Paterson and Luan, 1990).
In the ﬁrst experiment (Fig. 1), we impose a uniform fric-
tional coefﬁcient μ = 0.1 along the fault from the surface
to the base of the model crust. A coefﬁcient of 0.1 repre-
sents a weak fault that may have undergone strain weak-
ening and be subject to ﬂuid overpressure, and is consis-
tent with inferences of low fault strength from heat-ﬂow ob-
servations along major faults (e.g., Lachenbruch and Sass,
1980). A start-up phase during which compression is ap-
plied at the right hand boundary at a rate of 1 cm/yr (time
interval 30,000 years i.e. 300 m of convergence), is used to
simulate the long-term build up of differential stress, which
gradually accumulates in the strong, frictional upper crustal
layer (Fig. 1(b)). During the start-up phase, we do not pre-
scribe slip along the fault. Instead, the contact algorithm in
Abaqus determines slip as a function of depth and time. The
result is that the fault slips steadily along its upper portion
(the top ca. 10 km) once frictional yield is exceeded. Fric-
tional slip tapers off in the mid-crust because the ductile
mid-lower crust becomes weaker than the frictional surface
with increasing pressure and temperature. As a result, at
mid-crustal depths and below, ductile ﬂow takes over from
the frictional motion along the contact surface, as described
in similar models by Cattin and Avouac (2000) and Che´ry
et al. (2001).
Differential stresses >70 MPa build up around the lower
termination of the actively slipping fault (ca. 8–11 km
depth, Fig. 1(b)). This stress build-up results from the ter-
mination of slip over this depth interval, in the region where
frictional faulting gives way to thermally activated ductile
creep. The slipping fault loads the surrounding mid-crust
elastically, by an amount that depends on the elastic strength
of the medium and the depth range over which slip tapers,
δ (ca. 3 km). The stress build-up is limited by the ability of
the mid-crust to relax differential stress by ductile ﬂow, so
that a steady-state is reached, where additional increments
in elastic strain are relieved by creeping at the same rate:
ε˙elastic
ε˙viscous
= 1 ≈ V/δ















where V is slip velocity, ε˙ is strain-rate, and the other vari-
ables are as deﬁned above. For the parameter values used
here, τss is about 80 MPa for a steadily creeping fault with
the frictional-ductile transition along the fault occurring at a
temperature of about 260◦C, verifying the numerical model
result (Fig. 1(b)).
After the start-up phase, the fault is locked for a speciﬁed
period of 500 years, simulating the interseismic part of the
seismic cycle, and then fault friction is reduced back down
to its initial value for a short period (1 day), simulating
the static response to the faulting step of the seismic cycle.
No dynamic or rate-state effects are modelled. Results
for strain-rate at the end of 1 seismic cycle (i.e. just after
the fault step), and integrated ductile creep after 8 seismic
cycles, are shown in Fig. 1(c)–(d).
The elevated stresses at the lower termination of the fault,
initially due to steady fault slip during the setup phase
(Fig. 1(b)) and then enhanced by sudden slip every 500
years, cause localization in ductile straining in the mid and
lower crust beneath the fault (e.g., Fig. 1(c)). Strain-rates
attain their maximum just after the fault step is completed,
when mid-crustal differential stresses along the fault plane
are highest. Strain is enhanced in a lobe dipping beneath
the fault and down to the base of the crust. The elevated
strain-rates are directly caused by termination of fault slip,
and there is no component of dynamic ductile localization
(as deﬁned by Montesi and Zuber, 2002) since the model
contains no dynamic localization mechanism. Instead, fo-
cused ductile shearing occurs due to the imposed and local-
ized stress transfer from the fault. After 8 seismic cycles,
the accumulated creep strain (Fig. 1(d)) beneath the fault is
ca. 10× background rates.
In cases where fault slip tapers more suddenly than that
shown here, for example due to asperities or changes in
fault geometry, even larger stresses may build up at the fault
termination. Ellis and Sto¨ckhert (2004) illustrate this be-
haviour for a steep thrust fault terminating over 1 km depth,
and compare it to microstructural observations from the
Sesia Zone, European Alps, suggesting that in some cases
stresses of over 300 MPa may be induced by earthquakes,
causing deformation of the ductile crust at strain rates more
than two orders of magnitude above background rates. Even
for the comparatively “smooth” fault case examined here,
the seismically induced perturbation of the stress ﬁeld be-
neath the fault tip causes signiﬁcant localized deformation
along the extension of the fault in the ductile lower crust.
Total slip of about 4 m occurs along the fault surface
during each fault step (Fig. 1(e)). The change in differential
stress along the fault during the seismic cycle is shown in
Figs. 1(f) and (g). Stress changes result from elastic loading
and unloading of the crust near the fault plane, and their
magnitude depends on the elastic strength, and the interplay
between elastic and viscous rheologies in the mid-crust.
The stress changes for seismic and interseismic steps are
almost exact mirror images of each other, indicating that the
model has attained a kind of “steady state” where short-term
stress changes during the seismic cycle oscillate around
the stress ﬁeld shown in Fig. 1(b). During the faulting
step (Fig. 1(f)), a stress drop is observed over most of the
upper crustal fault plane, but a stress increase of about 20
MPa occurs at the lower termination of the fault. This
stress is entirely relieved by ductile creeping during the
subsequent interseismic step (Fig. 1(g)), along with a small
stress increase over the upper 8 km of the fault surface. The
stress drops during faulting in the top 8 km of the model
are consistent with small stress drops inferred from seismic
observations (Bouchon, 1997; McGarr and Fletcher, 2002)
but the stress increases between 8–12 km depth suggest that
the stress behaviour may be quite different in the (probably
aseismic) semi-brittle mid-crust.
2.2 Model 2: Thermally weakened zone in lower crust
The loading of a fault by ductile shearing can be shown
to be even more signiﬁcant for a model in which the lower
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Fig. 2. (a) Contours of temperature for model 2, which has the same setup as model 1 apart from the imposed perturbation in the temperature ﬁeld.
(b) Color contours of differential stress for the whole model domain at the end of the setup phase (300 m convergence). (c) Log contour of second
invariant of deviatoric strain-rate immediately after the fault step. (d) Integrated creep strain for 8 complete seismic cycles corresponding to 4000
years. (e) Slip along the fault plane during the fault step. (f) Change in differential stress along the fault plane during the fault step. (g) Change in
differential stress along the fault plane during the interseismic step.
crust has experienced some form of thermal weakening.
Thermal weakening can occur due to localization via shear
heating during repeated deformation along a high-strength
fault or shear zone (a form of dynamic localization; e.g.,
Thatcher and England, 1998). Thermal weakening can also
result from focused erosion and exhumation (a form of im-
posed localization), which deﬂect isotherms upwards along
or near the shear zone (Koons et al., 2003; Beaumont et al.,
1992; Batt and Braun, 1999). To investigate the effects of
weakened lower crust, we prescribe a thermal perturbation
in a model that is otherwise identical to the one discussed
above (Fig. 2(a)). The thermal perturbation causes an in-
creased geothermal gradient directly around the fault and its
extension into the lower crust, similar to that predicted due
to erosional exhumation in small collisional orogens such as
the New Zealand Southern Alps (Koons et al., 2003; Beau-
mont et al., 1992; Batt and Braun, 1999).
The major effect of the thermal perturbation cf. model 1,
is to reduce the depth and magnitude of differential stress
that builds up around the fault plane (Fig. 2(b)). This is
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Fig. 3. Plot of total horizontal displacement during one seismic cycle, and displacement of interseismic/seismic component parts, for (a) Model 1 (b)
Model 2. Fault intersects surface at x = 90 km.
because slip decreases at shallower depths compared to
the ﬁrst model, owing to the greater geothermal gradient
(Fig. 2(e)). Despite the lower stresses, strain rates just af-
ter the fault step of a seismic cycle are much higher than
for Fig. 1 (Fig. 2(c)). The higher strain rates result from
higher temperatures in this region, with strain rates exceed-
ing 10−12 s−1 immediately after faulting. Integrated over
several seismic cycles, this results in a much more focused
lobe of creep strain beneath the fault (Fig. 2(d)), with creep
strain ca. 100× background levels.
Plots of stress change in the coseismic and interseismic
steps (Figs. 2(f) and (g)) show that the change in stress at
the depth of slip termination is greater than for the model
with no thermal perturbation (Fig. 1(f) and (g)). The fact
that the model 2 background stress level (Fig. 2(b)) is lower
than for model 1, whereas the stress change at the fault tip is
higher, may seem counter-intuitive. The explanation is that
the thermal perturbation has caused localization of ﬂow in
the lower crust, which loads the fault during the interseismic
period. This enhances the stress transfer between lower and
upper crust, despite the fact that the background stress is
lower due to enhanced creep. The stress changes at the tip
of the fault during the seismic cycle are a greater proportion
of total stress, but these stress changes are relieved at a
faster rate, so that the “steady state” background stress is
lower.
2.3 Is the fault loaded from below?
We return to the question asked in the introduction: is
motion along the ductile shear zone beneath the fault con-
tributing to “stress loading” of the fault during the interseis-
mic period? If no fault were present, we have calculated
that for our model dimensions and interseismic velocity the
upper crust would be loading elastically at uniform rate of
1 MPa every 500 years. In model 1, the upper part of the
fault plane loads by about 1.8 MPa over 500 years during
the interseismic step (Fig. 1(g)). This indicates that a small
enhancement in stress loading along the fault is provided by
ductile shearing. Although there is no dynamic weakening
of lower crust, we suspect that this effect is caused by strain-
rate weakening in the high-strain zone beneath the fault. In
model 2, the fault in the upper crust loads by ca. 4.8 MPa
over 500 years (Fig. 2(g)), indicating that in this case, weak-
ened ductile crust beneath the fault is loading stress along
the fault tip at over 4× the background rate.
2.4 Horizontal surface displacement over the seismic
cycle
Plots of interseismic, seismic, and total horizontal dis-
placement at the surface over the 500 year seismic cycle
(Fig. 3) demonstrate that total cumulative horizontal strain
is focused around the fault for both model 1 and model
2, with a steeper gradient in horizontal displacement near
the fault predicted for the case with thermal weakening
(model 2). Distributed horizontal motion occurs during the
interseismic period over two superimposed wavelengths:
(1) >200 km, indicating that some of the strain is taken up
by distributed elastic strain throughout the model; and (2)
a shorter wavelength <50 km, due to the elevated creeping
occurring beneath the fault. The dimensions of the shorter
wavelength are related to the dip of the shear zone, and the
depth at which shearing initiates, i.e. the depth of the transi-
tion from “locked” behaviour along the fault and surround-
ing crust, to localized ductile creeping. This depth is about
10 km in Model 1 and 6 km in Model 2.
3. Implications for the Seismic Cycle of the Alpine
Fault, New Zealand
The New Zealand Southern Alps formed in response
to oblique collision between the Paciﬁc and Australian
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plates over the past 5–7 Ma (Walcott, 1998 and references
therein). The Alpine Fault marks the western boundary of
the Southern Alps, and presently accommodates about 70%
of relative plate motion in the central South Island (Norris
and Cooper, 2001; Beavan et al., 1999). Seismic velocity
anomalies and wide angle reﬂections along the down-dip
trend of the surface fault have been imaged in a geophys-
ical transect across the central Southern Alps (Stern et al.,
2001), suggesting that the Alpine Fault is a major crustal
structure that continues as a localized shear zone at depths
of more than 30 km. Studies of high strain mylonites ex-
humed structurally above the Alpine Fault also indicate that
strain is localized at depths of 20 km or more along a narrow
mylonitic shear zone (Norris and Cooper, 2003).
A principal control on long-term Alpine Fault dynamics
is the rapid uplift and exhumation of hot material along the
fault ramp (Koons et al., 2003; Batt and Braun, 1999; Little
et al., 2002; Gerbault et al., 2003). The Alpine Fault re-
gion can therefore be considered to be thermally weakened
compared to surrounding material, as in Model 2. It should
be noted that the geometry and conditions in Model 2 are
highly stylized compared to the Alpine Fault. In particular,
the model has no strike-slip component of motion, or vari-
ations in topography, crustal thickness, and rheology apart
from the thermal perturbation; and the presence of other
(secondary) weak faults within the brittle crust is not con-
sidered.
Although the geometry of Model 2 is highly simpliﬁed
with respect to the real Alpine Fault, we suggest that several
of the observations discussed in relation to Model 2 (Fig. 2)
can be used to provide insight into the Alpine Fault seismic
cycle:
1. Interseismic surface displacement normal to the
Alpine Fault measured by GPS geodesy (Beavan et al.,
1999; Beavan et al., 2004) shows a superposition of a short-
wavelength signature of ca. 20 kmwhose amplitude is about
half of the available normal convergent displacement across
the plate boundary, and a longer wavelength signal (ca.
100 km) which has been interpreted as an elastic response
to deformation of mantle lithosphere beneath the collision
zone. The short-wavelength signal is similar to that shown
in Model 2 (Fig. 3(b)). Beavan et al. (1999, 2004) have
inverted the surface displacement and solved for slipping
zones beneath the (currently locked) Alpine Fault. Their
most recent best-ﬁt model predicts slip along the down-dip
extension of the Alpine Fault, with the upper locked part of
the fault ending at a depth of 7 km (Beavan et al., 2004).
This is similar to the depth of transition from “locked” to
“creeping” behaviour seen in Model 2 (Fig. 2(c) and (d)).
Given the similarity, we interpret the slipping patch de-
scribed in Beavan et al. (2004) as a zone of enhanced ductile
creep, caused by a combination of thermal weakening and
the interseismic response to seismic stress loading from the
fault itself.
2. In the numerical models, the lower boundary con-
dition is prescribed so that the incoming velocity gradu-
ally reduces across the width of the model (240 km). This
produces a broad-wavelength surface displacement that is
equal to the model width (Fig. 3). In the case of the New
Zealand Southern Alps, a broad wavelength signal is ob-
served, but its wavelength is only ca. 100 km. This suggests
that mantle lithosphere beneath the Southern Alps must be
deforming over a wavelength less than 100 km.
3. Geological estimates suggest that between 60 and 75%
of total plate motion is ultimately taken up by rupture along
the Alpine Fault (Norris and Cooper, 2001). This is com-
patible with predictions from Model 2 (Fig. 3(b)) in which
the normal component of interseismic deformation occurs
over a longer wavelength compared that of the integrated
seismic cycle.
4. Fig. 2(d) shows how ductile creep can become fo-
cused beneath a fault with repeated seismic cycles, espe-
cially if accompanied by thermal weakening. The analogy
with Model 2 may help explain the presence of a localized
ductile shear zone extending into the lower crust beneath
the Alpine Fault.
5. If interseismic creep below the Alpine Fault is en-
hanced by the stress transfer during faulting such as in Mod-
els 1 and 2, then it can be shown that the creep rate and
accompanying degree of localization will gradually decay
with time after faulting. For example, analysis of the inter-
seismic surface velocities in Model 2 indicates that early in
the interseismic period, more than 80% of the available con-
vergent velocity is taken up within 30 km of the fault zone,
whereas by the end of the interseismic period, only 40%
is absorbed near the fault and the rest is distributed over
a wavelength that depends on the behaviour of underlying
lithosphere. The slow but measurable drift in the degree to
which interseismic surface velocities are focused around the
Alpine Fault as the seismic cycle “matures” may provide an
additional constraint for hazard estimation.
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